[1] The effect of Eurasian spring snow amount on East Asian summer monsoon (EASM) rainfall has previously been studied on the basis of both observations and numerical simulations. The results indicate that information on the Eurasian spring snow amount could be important for seasonal prediction of EASM rainfall. Although previous studies identified the effects of snow albedo and melting water of Eurasian snow on global climate, their individual contributions to the prolonged snow effect on early summer regional climate have not been evaluated quantitatively. In this study, the relative importance of the effects of snow albedo and snowmelt water over the Tibetan Plateau on the simulated EASM rainfall is investigated using a regional climate model. Three ensemble simulations were conducted. The first ensemble simulation considers the actual snow cover in the initial condition. The second ensemble simulation ignores the snow effect on the surface albedo in the radiation budget. The third ensemble simulation ignores the infiltration of snowmelt water. A detailed comparison of these simulations indicates that the albedo effect is significant and its effect on rainfall amount over the Yangtze River basin is about three times that of the effect of snowmelt water from May to June. The albedo effect decreased from July to August, while the effect of snowmelt water increased. Eventually, the difference between the two effects became insignificant. Overall, the snow albedo effect over the central and western Tibet appears to dominate the observed relationship between the spring snow anomaly and the EASM rainfall anomaly.
Introduction
[2] Snow amount over the Eurasia affects not only the regional but also the global climate through both the surface and atmospheric energy and water budgets and hydrological cycle [Dey and Bhanu Kumar, 1982; Namias, 1985; Barnett et al., 1988 Barnett et al., , 1989 Groisman et al., 1994] . A close relationship between the Eurasian winter-spring snow cover and the Indian summer monsoon rainfall has been revealed on the basis of surface observations and satellite measurements [Hahn and Shukla, 1976; Dickson, 1984; Bamzai and Shukla, 1999] . Recent studies indicate that the Eurasian snow anomalies in winter and spring, especially those over the Tibetan Plateau (TP), may have a considerable effect on the variability of South Asian and East Asian summer monsoon (EASM) rainfall [Hsu and Liu, 2003; Wu and Qian, 2003; Zhang et al., 2004; Wu and Kirtman, 2007; Zhao et al., 2007] . Recently, Souma and Wang [2009] have demonstrated that the satellite-derived snow water equivalent (SWE) data can be used to improve the simulation of EASM rainfall.
[3] Barnett et al. [1989] showed that less (more) than normal spring snow cover over Eurasia could result in stronger (weaker) summer monsoon over Southeast Asia on the basis of results from a general circulation model (GCM) simulations and observational data analysis. They referred to two major physical mechanisms through which the snow anomaly in winter-spring affects climate during the snowmelting season. On one hand, snow reflects part of solar radiation because of high albedo and consumes part of solar radiation due to its melting and sublimation. This would cool the surface and the lower part of the troposphere, affecting atmospheric stability and convection. On the other hand, snowmelting can be a considerable source to soil moisture, affecting the hydrological cycle of the land surface and the atmosphere. Yasunari et al. [1991] found that the excessive snow mass over the Eurasia weakens the Asian summer monsoon in a GCM. They indicated that the effect of increased albedo is dominant in spring and the effect of increased snowmelt latent heat and soil moisture is dominant in early summer. Ose [1996] indicated that the increased snow mass over the TP causes more significant weakening of the Asian monsoon from spring to early summer than that over the eastern Europe and Siberia.
[4] It is still an open question how the snow anomalies from winter to spring affect the Asian summer monsoon and its rainfall. Robock et al. [2003] indicated that the observed snow cover in January and February (March and April) has strong relationship with the summer rainfall averaged over India from the composite analysis in strong (weak) Indian summer monsoon years. However, the observed soil moisture during the period following snowmelting did not show such a relationship. This implies that the effect of snowmelting water could not explain the Eurasian snow effect on the summer monsoon rainfall anomalies over Asia alone. Nevertheless, the relative importance of the effects of snow albedo and snowmelt water over the TP on the early summer rainfall anomaly needs to be evaluated.
[5] The main objective of this study is to evaluate the relative importance of the effects of snow albedo and melting water over the TP on EASM rainfall on the basis of ensemble sensitivity simulations using a regional climate model. The rest of the paper is organized as follows. Section 2 briefly describes the regional climate model used and the experimental design. Section 3 presents the seasonal simulation results, the observed and simulated characteristics of the EASM in 2005. Section 4 presents the effects of snow albedo and snowmelt water on the simulated EASM rainfall, and the physical mechanisms involved, such as the differences in land surface properties and large-scale atmospheric circulation. Concluding remarks are given in section 5.
Model and Experimental Design

Model and Data Used
[6] The model used in this study is the regional climate model, IRAM, developed at the International Pacific Research Center (IPRC) [Wang et al., 2003 [Wang et al., , 2007 . The IRAM is a hydrostatic primitive equations model formulated in spherical coordinates in the horizontal and in sigma (pressure normalized by surface pressure) coordinates in the vertical. The model has 28 vertical levels, with higher resolution in the planetary boundary layer. Similar to most of other grid point regional climate models, a one-way nesting is used to define model prognostic variables in a buffer zone near the lateral boundaries during the model time integration.
[7] The bulk cloud microphysics scheme developed by Wang [1999 Wang [ , 2001 is used for the grid scale moist processes. Subgrid shallow convection, midlevel convection, and penetrative deep convection are parameterized with the mass flux scheme originally developed by Tiedtke [1989] and later modified by Nordeng [1995] . This modified version uses a convective available potential energy (CAPE) closure and considers the organized entrainment and detrainment based on a simple cloud plume model for deep convection. The so-called E À e turbulence closure scheme [Detering and Etling, 1985] is used to parameterize the subgrid scale vertical mixing. Surface fluxes over oceans are calculated on the basis of the Monin-Obukhov similarity theory [Wang, 2002] . The radiation budget is based on the radiation package of Edwards and Slingo [1996] , with improvements by Sun and Rikus [1999] . It considers four/seven spectral bands in the solar/thermal spectral range. Cloud amount is diagnosed following the semiempirical cloudiness parameterization scheme developed by Xu and Randall [1996] .
[8] The Biosphere-Atmosphere Transfer Scheme, Version 1E (BATS-1E), developed by Dickinson et al. [1993] , is used to deal with the land surface processes. BATS-1E incorporates one canopy and three soil layers, and it requires land cover/vegetation (18 types) and soil texture (12 types) maps for spatial applications. These data sets were obtained from the U.S. Geological Survey (USGS; the second version of the USGS 1 km resolution land cover classification data set), and the U.S. Department of Agriculture (global 10 km soil data). BATS-1E also considers one-layer snow submodel with a time-dependent snow depth, snow density, and snow albedo. Snow cover fraction is calculated on the basis of snow depth and vegetation type. Snow density and snow albedo are determined by snow age. The latter is determined by the accumulated days with surface covered by snow at every time step. The thermal conductivity and volumetric specific heat of snow and the composite soil/snow layer are calculated on the basis of snow depth, snow cover fraction, and snow age. The snowmelt latent heat and water are included in the land surface heat and water budgets.
[9] As given by Souma and Wang [2009] , the model domain covers the area of 2.5 -50.0°N, 65.0 -145.0°E (Figure 1 ) with horizontal grid spacing of 0.5°. The USGS high-resolution topographic data set (0.0833°Â 0.0833°) was used to obtain the model envelope topography (contours in Figure 1) . Namely, the terrain height of each grid box is the sum of the averaged topographic height and its standard deviation in the grid box (0.5°Â 0.5°). The highresolution vegetation-type data from USGS are reanalyzed to represent the dominant vegetation type in each grid box.
[10] The monthly mean SWE data derived from AQUA Advanced Microwave Scanning Radiometer-EOS (AMSR-E) sensor on 0.25°Â 0.25°latitude-longitude grids [Chang and Kelly, 2002] were obtained from Japan Aerospace Exploration Agency (JAXA) and used to initialize the model snow condition. To reduce the uncertainty caused by wet snow, we used the data set of descending orbit only (averaged in nighttime). The 2 month (February and March) mean SWE was used as the initial snow condition in all our simulations. The initial surface soil and canopy temperatures over the land were obtained from the lowest model level temperatures based on the National Centers for Environmental Prediction (NCEP)/National Center for Atmospheric Research (NCAR) reanalysis. The soil moisture fields were initialized such that the initial soil moisture depends on the vegetation and soil type is defined for each grid cell following the work of Giorgi and Bates [1989] .
[11] The NCEP/NCAR reanalysis 1 data [Kalnay et al., 1996] available at every 6 h intervals with a resolution of 2.5°Â 2.5°in the horizontal and 17 pressure levels up to 10 hPa were used to provide both the initial and the lateral boundary conditions to the IRAM. Weekly sea surface temperatures (SSTs) were obtained from NOAA, which have a horizontal resolution of 1°Â 1° [Reynolds and Smith, 1994] , and were interpolated into the model grids in the ocean by the cubic spline interpolation in space and linearly interpolated in time.
Experimental Design
[12] The IRAM was used to conduct three ensemble simulations, each having nine members with initial conditions spanning 9 days, centered at 0000 UTC on 1 March 2005. The model was integrated continuously through 31 August for each run. The results are reported in terms of ensemble mean for each simulation. Both March and April are considered to be the model spin-up period and thus are excluded from our analysis below. In the control ensemble simulation (CTRL), the actual snow cover obtained from the SWE data was used as initial snow condition. The land surface heat and water budgets in the CTRL simulation are shown schematically in Figures 2a and 2b , respectively. In the heat budget, snow cover increases the surface albedo and decreases the net shortwave radiation. Additionally, the snowmelt latent heat consumes some incoming energy to land surface. Therefore, the net surface heating is reduced by snow. In the water budget, the soil moisture increases as a result of snowmelt, and the surface evaporation is enhanced because of increase in soil moisture. Therefore, overall, the snow cover would induce net cooling and moistening of the land surface. [13] The second ensemble simulation (NOAL) ignored the effect of snow on surface albedo, which was replaced by the soil (or vegetation) albedo in radiation budget ( Figure 2c ). In this case, the net shortwave radiation will increase, and both sensible heat and latent heat will increase accordingly. Therefore, surface cooling caused by snow albedo effect is expected to be removed in the NOAL simulation.
[14] In the third ensemble simulation (NOSM), snowmelt water did not infiltrate into soil but was added to surface runoff immediately (Figure 2d ), namely, the snowmelt does not cause any increase in soil moisture. As a result, the surface-sensible heat flux will increase and the latent heat flux will decrease compared to those in the CTRL simulation. The surface cooling caused by the effect of snowmelt water is also expected to be ignored in the NOSM simulation.
Verification of the Control Simulation of the 2005 East Asian Summer Monsoon
[15] Because a detailed description of the EASM in 2005 can be found in the work of Souma and Wang [2009] , only some main features of the EASM rainfall are briefly discussed here for completeness and for convenience to interpret the simulation results. Figure 3a shows the evolution of the summer monsoon rainfall averaged between 105°E and 122°E from May to August 2005 over East Asia. The daily mean rainfall shown was based on the Global Precipitation Climatology Project (GPCP) 1°daily rainfall data, which is a product from multisatellite observations [Huffman et al., 1997; Adler et al., 2003] . Because of the long stays of the EASM in 2005, South China (south of 26°N) and the Huai River basin (between 32°N and 35°N) received far above normal summer monsoon rainfall from May to June, and from July to August, respectively. However, the Yangtze River basin (between 26°N and 32°N) experienced a so-called ''empty Meiyu,'' namely no much rainfall in the Meiyu season in June-July, resulting in an overall dry summer over the region. Since the rainfall caused by the EASM in 2005 was characterized by the heavy rainfall in South China from May to June and in the Huai River basin from July to August, the following discussion will focus on the two periods, namely, MayJune and July -August.
[16] Figure 3b shows the evolution of the simulated daily rainfall averaged over East Asia from May to August 2005. Compared with the results from GPCP given in Figure 3a , although the rainfall in South China was overestimated in May and that was underestimated and slightly shifted northward from June to August, the persistent rain belt in South China from May to June and its movement to North China in the end of June was simulated in the CTRL simulation.
[17] Figures 4 and 5 show the spatial distributions of mean daily rainfall and wind vectors at 700 hPa in May-June and July -August from observations/reanalysis and CTRL simulation. The model produced the monsoon rain belt slightly to the north in July -August, and considerably underestimated the rainfall amount over the ocean, in particular in the Philippine Seas and Bay of Bengal in both simulation periods. The northwesterlies in the Bay of Bengal in May -June and the westerlies in July -August were underestimated in the model, resulting in the weakened convergence and thus underestimated rainfall in the coastal region over the Bay of Bengal. The westerlies from East China to Japan were overestimated in May-June and the southerlies over Philippine Seas were underestimated in July -August, leading to the reduced moisture convergence rainfall in East-China to Japan in May-June and southeast coastal region and Philippine Seas in July -August. In addition, because the model could not reproduce the two intense tropical cyclones over the Philippine Sea at the resolution used in this study and the uncertainties in model physics, the rainfall near the southeast coast of China and over South China Sea (SCS) in July -August was underestimated. Nevertheless, the CTRL simulation reproduced the general features of the observed rainfall patterns in East Asia, in particular, the heavy rainfall over South China in MayJune. The westerly associated with the EASM over South China in May -June and its northward propagation in JulyAugust were also well simulated. Since the primary concern of this study is the summer monsoon rainfall in East Asia, the results from the control experiment are acceptable for a further evaluation of the effects of snow albedo and snowmelt water caused by the anomalous spring snow amount over the TP on the simulated EASM rainfall.
Comparison Between the Effects of Snow Albedo and Infiltration of Snowmelt Water
Land Surface Properties
[18] Figure 6 illustrates the comparison of the fraction of snow-covered area and the surface soil moisture over the TP between CTRL, NOAL, and NOSM. Snow-covered area in the NOSM ensemble simulation was almost the same as in CTRL and close to the observations derived from AQUA AMSR-E (Figure 6a ). Note that a threshold of 20 mm in SWE was used to define the snow-covered area in our analysis. To confirm this, we compared the monthly mean snow-covered area over 2°Â 2°latitude-longitude grids, calculated using 0.25°Â 0.25°SWE data derived from AQUA AMSR-E sensor [Chang and Kelly, 2002] , with that calculated using the weekly snow cover data provided by the National Oceanic and Atmospheric Administration's (NOAA) National Weather Service (NWS) Climate Prediction Center (CPC). Although the satellite-derived SWE overestimated the snow-covered area a little bit (the false alarm ratio was about 7%), both data sets agreed well over about 91% of 2°Â 2°grids over the Eurasian continent (the terrestrial area from 25°N to 80°N, from 0°E to 180°E) in the warm season (from March to August).
[19] Surface soil moisture in NOSM is smaller than in CTRL because snowmelt water was treated as runoff immediately in the former. The maximum difference was around 0.2 m 3 /m 3 ( Figure 6b ). Snowmelt in NOAL occurred about 1 -2 months earlier than that in CTRL. Although the increase in soil moisture caused by snowmelt water was around 2 months earlier than that in CTRL, the soil moisture in NOAL varied almost in the same range as in CTRL, 3 ) averaged over the Tibetan Plateau (the shaded areas with elevations over 2500 m in Figure 1 ). The solid curve is for CTRL, the thick dashed curve is for NOSM, the thin dashed curve is for NOAL, and the cross mark indicates the observed value derived from AQUA AMSR-E sensor. [20] In order to understand the heat balance at the land surface in different simulations, a heat budget for the land surface is conducted [see Souma and Wang, 2009] . The land surface heat budget equation can be written as
where Nsw is the net shortwave radiation, Nlw is the net longwave radiation, G is the sum of ground heat flux and latent heat of snowmelt, Le is the surface latent heat flux, and Hs is the surface sensible heat flux, respectively.
[21] Figure 7 shows all individual terms in the land surface heat budget for all three ensemble simulations. Nsw was about 60 W/m 2 larger in NOAL than in CTRL until June, but the difference decreased from July to August (Figure 7a ), corresponding to the difference in snow cover shown in Figure 6a , because the higher albedo of snow cover was ignored in NOAL. The differences between NOAL and CTRL in Nlw and G were relatively small compared to the difference in Nsw (the maximum difference was about 12 W/m 2 ). They seem to compensate each other from July to August (Figures 7b and 7c) . The larger Nsw in NOAL was not compensated by both Nlw and G, including the snowmelt latent heat; therefore, it is expected to be compensated by the increase in latent and sensible heat fluxes according to equation (1). As expected, differences between NOAL and CTRL in both Le and Hs were large. The maximum difference in Le was about 25 W/m 2 in spring to May. The difference decreased rapidly from July to August (Figure 7d ). The maximum difference in Hs between NOAL and CTRL was also about 30 W/m 2 . However, the difference persisted from May through August (Figure 7e ). The increased net shortwave radiation was balanced mainly by the increased sensible heat flux and partly by the latent heat flux.
[22] The net shortwave radiation in NOSM was almost the same as that in CTRL (Figure 7a ). The differences in Nlw and G between NOSM and CTRL were negligible from May to June but visible from July to August with the maximum differences of 10 and 5 W/m 2 , respectively Figure 1 ). The solid line is for CTRL, the thick dashed line is for NOSM, and the thin dashed line is for NOAL.
( Figures 7b and 7c ). The differences in Nsw, Nlw, and G were small; therefore, the difference in the sum of latent and sensible heat fluxes was also small according to equation (1). The smaller soil moisture in NOSM is expected to reduce the latent heat flux, and it is expected to be compensated by the increase in sensible heat flux. As we expected, Le decreased and Hs increased in NOSM compared to those in CTRL, with the differences increasing from May to August. The maximum differences in both Le and Hs were around 20 W/m 2 (Figures 7d and 7e) . Overall, the reduced latent heat flux was largely balanced by the increased sensible heat flux in NOSM.
Precipitation
[23] Figures 8a and 8b show the 2-month mean rainfall differences between the NOAL and CTRL simulations in May -June and July -August, respectively. The rainfall increased over the Yangtze River basin and decreased over South China in May and June in NOAL (Figure 8a ). The maximum difference was around 5 mm/d over both Yangtze River basin and South China. The rainfall increased over North and Northwest China in July and August (Figure 8b ), but the difference was not statistically as significant as that in May and June. Figure 9 shows the corresponding 2 month mean rainfall differences between the NOSM and the CTRL simulations in May-June and July -August, respectively. The rainfall in NOSM increased over the Yangtze River basin and decreased over Southwest China in May and June (Figure 9a ), but the maximum difference was around 2 mm/d 1 and the areas that showed significant difference between NOSM and CTRL were smaller than those between NOAL and CTRL (Figure 8a ). There were several scattered areas with small rainfall increase in South China in July and August in NOSM (Figure 9b ).
[24] Table 1 shows the area-averaged rainfall in South China (22 -26°N, 105-122°E), Yangtze River basin (26 -32°N, 105 -122°E), and North China (32 -40°N, 105 -122°E) from the three ensemble simulations. In May and June, the rainfall amount significantly increased over the Yangtze River basin in both NOAL and NOSM and over North China in NOAL compared to that in CTRL and significantly decreased over South China in NOAL compared to CTRL (with the differences being significance over 95% confidence level in t test). Although the rainband in both NOAL and NOSM was shifted northward compared to CTRL, the difference in rainfall amount over the Yangtze River basin in NOAL was about three times that in NOSM. Therefore, the effect of Eurasian snow on EASM rainfall is dominated by the albedo feedback in early summer (May and June).
[25] In July and August, the rainfall amount significantly increased over South China in both NOAL and NOSM and over North China in NOAL compared to CTRL. The rainfall difference between NOAL and CTRL in July and August became smaller than that in May and June but was comparable to that between NOSM and CTRL in July and August. This indicates that the effect of snowmelt water became equally important to the albedo effect in prevailing EASM season (July and August).
Large-Scale Atmospheric Circulation
[26] At first, the Eurasian snow affects the local land surface processes and after that it affects the atmospheric circulation and eventually EASM rainfall. It is important to understand how the local near-surface temperature responded to the different snow effects and then how the large-scale atmospheric circulation responded to the regional changes in the land surface properties over the TP. Figure 10 shows the differences in near-surface mean potential temperature between the NOAL and CTRL simulations in May-June and July -August, respectively. The lower surface albedo in NOAL increased the net surface shortwave radiation and Table 1 . Mean Rainfall in May -June and July -August for CTRL, NOAL, and NOSM Averaged Over South China, Yangtze River Basin, and North China (Shown in Figure 1 The differences between two ensembles were over 95% significance level. warmed the surface, resulting in higher near-surface air potential temperature over the TP (the area with elevations over 2500 m shaded in Figure 1 ) in both May -June and July -August. The averaged difference over the TP was around 2.5 K in May -June while reduced to about 1.7 K in July -August, but with the maximum difference over 6 K in both periods. Figure 11 shows the differences in nearsurface mean potential temperature between the NOSM and CTRL simulations in May-June and July -August, respectively. The lower soil moisture in NOSM increased sensible heat flux, resulting in higher near-surface potential temperature over the TP. In May -June, the differences in nearsurface potential temperature mainly appeared over the eastern TP (Figure 11a ) because snowmelt occurred only in this region both in NOSM and CTRL (not shown). In July -August, the differences expanded over the whole TP. The averaged difference over the TP was around 0.2 K in May -June while increased to about 0.6 K in July -August (Figure 11b ). These are much smaller than those due to the albedo effect (Figure 10a ). Therefore, from May to June, the snow albedo effect is much more significant than the effect of snowmelt water. From July to August, the effect of snowmelt water increased and the albedo effect decreased. The differences between the two effects thus became smaller in July -August.
[27] Figure 12 shows the differences in the mean geopotential height and winds at 200 and 700 hPa, respectively, in May -June between NOAL and CTRL. The surface warm anomalies in NOAL resulted in negative geopotential height anomalies at 700 hPa and positive anomalies at 200 hPa over the TP. The maximum difference in geopotential height was around 14 gpm at 700 hPa and around 35 gpm at 200 hPa. These anomalies intensified lower-level cyclonic circulation and upper-level anticyclonic circulation over the TP. The positive anomalies at 200 hPa extended to East Asia and also intensified the western Pacific subtropical high (Figure 12a ). These changes intensified the northward extension of the southwesterly monsoon flow in the lower troposphere (Figure 12b ) and the northward propagation of its associated rain belt. Therefore, rainfall was reduced in South China while it was increased in the Yangtze River valley (Figure 8a ).
[28] Figure 13 shows the differences in the mean geopotential height and winds at 200 and 700 hPa, respectively, in July -August between NOAL and CTRL. The anomalous pattern in geopotential height in July -August was very similar to that in May-June, namely, negative anomalies at 700 hPa and positive anomalies at 200 hPa. The negative anomaly in geopotential height with its low-level anomalous cyclonic circulation over the TP now extended eastward and occupied whole China except for the lower reaches of the Yangtze River valley where a weak, lowlevel anticyclonic circulation anomaly is visible. Such a circulation anomaly favors an increase in rainfall in North China in July -August (Figure 8b ). Note that the maximum difference in geopotential height was around 7 gpm at 700 hPa and around 30 gpm at 200 hPa in July -August; both were weaker than those in May -June, indicating the gradual weakening of the albedo effect with time.
[29] Figure 14 shows the differences in the mean geopotential height and winds at 200 and 700 hPa, respectively, in May -June between NOSM and CTRL. We can see that the geopotential height was lower with the intensified cyclonic circulation at 700 hPa, and the geopotential height was higher and anticyclonic circulation was intensified at 200hpa in NOSM compared with CTRL. The anomalous pattern in geopotential height was very similar to that between NOAL and CTRL, but the difference was much smaller (now they are around 2.0 gpm at 700 hPa and around 5.5 gpm at 200 hPa). These smaller anomalies result in much weaker response in the anomalous circulation and thus much smaller difference in rainfall in the Yangtze River basin (Figure 9a ) compared to that between NOAL and CTRL (Figure 8a) .
[30] The differences in the mean geopotential height and winds at 200 and 700 hPa between NOSM and CTRL in July -August (Figure 15) showed the anomalous patterns similar to those between NOAL and CTRL in July -August (Figure 13 ), although their absolute values were smaller than those between NOAL and CTRL. Note that the maximum difference in geopotential height was around 3 gpm at 700 hPa and 6 gpm at 200 hPa in July -August; both were larger than that in May-June. Overall, the differences were still smaller than those between NOAL and CTRL in the same months, indicating that there was an increasing trend of the effect of snowmelt water but still weaker than the albedo effect even in July -August.
Conclusion and Discussion
[31] The relative importance of the effects of snow albedo and snowmelt water over the Tibetan Plateau on EASM rainfall has been investigated on the basis of ensemble regional climate model simulations. The albedo effect is found to have a dominant and significant effect throughout the 4 month simulation from May to August. The albedo effect on the rainfall amount over the Yangtze River basin was about three times the effect of snowmelt water from May to June. From July to August, the albedo effect weakened and the effect of snowmelt water enhanced, and Figure 12b indicate the areas where the 700 hPa isobaric level is below the land surface.
eventually the difference between the two effects became smaller to the end of the simulations.
[32] The importance of the albedo effect has been indicated by Yasunari et al. [1991] especially in the spring. Compared with the work of Yasunari et al. [1991] and Ose [1996] , the albedo effect in this study persisted longer. Figure 16 shows the observed SWE derived from AQUA AMSR-E sensor in May -June and July -August over the Tibetan Plateau. The snow cover over central and western Tibet remained even in July -August. Although in JulyAugust SWE was overestimated around TP and its adjacent areas, especially over Himalayas, the snow-covered area was well reproduced in the CTRL simulation (Figure 17 ) because of the use of high horizontal resolution and the good land surface scheme, which includes the complex snow physics utilized in our regional climate model. The snow cover over central and western Tibet seems to be responsible for the persistent albedo effect and links the spring snow anomaly over the TP and the EASM rainfall anomaly. The overestimated SWE in July -August is responsible for the overestimation of the snow albedo effect and underestimation of the effect of snowmelt water, but it is expected to have little effect on the albedo because the fraction of the snow-covered areas in CTRL agreed well with observation in Figure 4a . It has little effect on the snowmelt water too because by the end of August the snowcovered area disappeared except for Himalayas and Pamirs, both in observation and simulation (not shown), and the total snowmelt water in the simulation period is expected to be almost the same.
[33] Finally, we should point out that only one monsoon case has been simulated in this study and simulations for more cases are required in future studies. In the SWE derived from SMMR and selected SSM/I [Armstrong et al., 2005] , the March SWE averaged over the TP in 2005 was the eighth largest in 28 years during 1979 and 2006 (not shown). The snow cover in early spring was relatively large in 2005 compared to other years. Therefore, considerable snow cover remained over the TP even in JulyAugust. It caused considerable albedo effect even in the prevailing EASM season. In normal or less snow year, the snow cover in July -August should be smaller compared to that in 2005; therefore, the decrease in albedo effect and increase in the effect of snowmelt water would be accelerated. It is thus expected that the effect of snowmelt water could become relatively important in the prevailing EASM season.
[34] In addition, we should also mention that there were still considerable biases in our CTRL simulation partly because of the model horizontal resolution, which was not high enough to represent the summertime convective rainfall and the activities of tropical cyclones. Experiments using higher model resolution could be tested in future studies as well. Figure 14b indicate the areas where the 700 hPa isobaric level is below the land surface. 
